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Abstract

The poleward transport of heat in the mid-Cretaceous (100 Ma) is examined using an idealized
coupled ocean-atmosphere model. The oceanic component consists of two zonally averaged
basins representing the proto-Pacific and proto-Indian oceans and models the dynamics of the
meridional thermohaline circulation. The atmospheric component is a simple energy and
moisture balance model which includes the diffusive meridional transport of sensible heat and
moisture. The ocean model is spun up with a variety of plausible Cretaceous surface
temperature and salinity profiles, and a consistent atmosphere is objectively derived based on
the resultant sea surface temperature and the surface heat and freshwater fluxes. The coupled
model does not exhibit climate drift. Multiple equilibria of the coupled model are found that
break the initial symmetry of the ocean circulation; several of these equilibria have one-cell
(northern or southern sinking) thermohaline circulation patterns. Two main classes of
circulation are found: circulations where the densest water is relatively cool and is formed at the
polar latitudes and circulations where the densest water is warm, but quite saline, and the
strongest sinking occurs at the tropics. In all cases, significant amounts of warm, saline bottom
water are formed in the proto-Indian basin which modify the deepwater characteristics in the
larger (proto-Pacific) basin. Temperatures in the deep ocean are warm, 10°~17°C, in agreement
with benthic foraminiferal oxygen isotope data. The poleward transport of heat in the modeled
Cretaceous oceans is larger than in some comparable models of the present day thermohaline
circulation and significantly larger than estimates of similar processes in the present-day ocean.
It is consistently larger in the polar sinking cases when compared with that seen in the tropical
sinking cases, but this represents an increase of only 10%. The largest increase over present-day
model transports is in the atmospheric latent heat transport, where an increased hydrological
cycle (especially in the tropical sinking cases) contributes up to an extra 1 PW of poleward heat
transport. Better constraints on the oceanic deepwater circulation during this period are
necessary before the meridional circulation can be unambiguously described.



Introduction

A common thread that runs through almost all re-
constructions of past warm climates such as the mid-
Cretaceous, Eocene, and late Pliocene is the presence
of a generally reduced pole-to-equator surface temper-
ature gradient [see, for instance, Huber et al., 1995].
Assuming that the solar constant during these pe-
riods was roughly the same as at present, this im-
plies that there must have been either major latitu-
dinal changes to the radiation budget or increased
poleward heat transport. This poleward transport
can be split into three components: (1) the atmo-
spheric sensible heat transport, (2) the atmospheric
latent heat transport, and (3) the transport of heat
by the oceans. Many previous modeling studies of
the mid-Cretaceous (Barron, 1983; Covey and Bar-
ron, 1988; Crowley, 1991; Barron et al., 1995, ) and
the Eocene (Sloan et al., 1995, ) have generally con-
cluded that oceanic heat transport must have been
greater during these periods. However, the majority
of the aforementioned studies have used atmospheric
general circulation models (GCMs) in which the sea
surface temperature or the poleward oceanic heat flux
itself have been prescribed. This implies that the
mechanism giving rise to an increased oceanic heat
transport and its regional impacts have not been ex-
amined in any detail. Hence it is unclear whether a
dynamically consistent ocean circulation can exist un-
der the buoyancy and wind forcing derived from these
atmospheric GCM experiments.

An increased poleward oceanic heat flux can be
ach-ieved in a number of ways: increased transport
of heat by the wind-driven upper ocean gyres, in-
creased Ekman transports, or increased transport by
the buoyancy-driven thermohaline circulation. The
goal of this paper is to determine from a simple cou-
pled atmosphere-ocean model whether heat trans-
ported by the thermohaline circulation (THC) can
explain all or most of this increase for the warm mid-
Cretaceous (100 Ma) period. The THC can transport
more heat poleward by three methods: by being more
vigorous, by increasing the temperature contrast be-
tween the surface and benthic currents, or possibly by
a complete rearrangement of the sources of deepwater
production.

Some interpretations of deep-sea anoxia and ben-
thic temperature proxy data for the mid-Cretaceous,
along with results from simple box models of the
deep-sea circulation (Birchfield, 1989; Brass et al.,
1982, ), support the idea that the deep ocean during
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that period was filled with warm saline bottom water
(WSBW). Benthic foraminiferal 6'*0 data indicate
that during this period the middepth waters of the
ocean were generally 10°-15°C warmer than today
(Savin, 1977, ). (In today’s ocean, temperatures at
these middepths (~1000-1500 m) are generally typ-
ical of the abyssal temperatures; however, a possi-
bly much deeper thermocline during the Cretaceous
might invalidate such an identification during this pe-
riod.) WSBW could have been formed at the tropics
through evaporation over the extensive shallow seas of
the period. However, reconciling this theory with the
idea that the oceans transported more heat poleward
is difficult. The surface-depth temperature contrast
in such an ocean would be rather small, and hence
a much greater meridional overturning would be re-
quired even to match present-day heat fluxes.

There have been a few purely oceanic modeling
studies that use as boundary conditions the surface air
temperature and freshwater fluxes derived from previ-
ous Cretaceous atmospheric GCM studies. However,
these models have not had a high enough vertical res-
olution to have a reasonable THC [e.g., Barron and
Peterson, 1990]. Unfortunately, the development of
coupled ocean-atmosphere GCMs has not proceeded
far enough for reliable paleoclimatic simulations to be
carried out. For example, incompatibilities between
the components in most of these models mean that
they have to contend with the problem of climate drift
or the associated problem of flux corrections. Never-
theless, there are a number of simpler ocean models
that can be successfully coupled to simple balance
models of the atmosphere to give lower-order systems
which can be used to study paleoclimates.

The transport of heat by the THC is a crucial
mechanism in the climate system, and much work has
been done on elucidating the three-dimensional struc-
ture of the present-day circulation (Schmitz, 1995, ).
Variability in the heat transport depends mainly upon
changes in the oceanic density gradients and possi-
bly upon the surface pathways of the return flow.
Changes in the latter are thought mainly to affect the
circulation over decadal timescales, and this therefore
gives hope that meridional (latitude-depth) models of
the THC are able to capture the variability on longer
timescales.

The ocean model used in this paper is based on
the zonally averaged model of the THC developed by
(Wright and Stocker, 1991) and extended by (Wright
and Stocker, 1992) and (Stocker et al., 1992). This
ocean model is coupled to a simple energy-moisture



balance model (EMBM) based on that derived re-
cently by (Fanning and Weaver, 1996). On its own,
the ocean model is able to reproduce the present-
day meridional structure of the oceans (Wright and
Stocker, 1992, ) and provide values of the meridional
oceanic heat transport which are consistent with cur-
rent estimates. However, the simplified geometry and
crude parameterizations used in the ocean model sug-
gest that it should be regarded more as a conceptual
tool rather than as a reconstructive one.

The advantage of the model used here is that it is
essentially two-dimensional, and hence many different
numerical experiments can be performed in rapid suc-
cession. This paper focuses on trying to understand
the nature of the oceanic heat transport during the
mid-Cretaceous, although the conclusions concerning
the production of WSBW will probably also apply to
the other warm periods.

The manner in which the experiments are con-
ducted in this paper is slightly nonstandard and is
therefore briefly described here. The ocean model is
first spun up to a desired “climate” (i.e., the surface
temperature and salinity are restored to prescribed
profiles). There is considerable latitude in prescrib-
ing the initial sea surface temperatures and salinities
for a Cretaceous model. The surface temperature is
slightly constrained by the data (except at very high
latitudes), but there are essentially no serious con-
straints on the salinity. Because the existence of the
thermohaline circulation depends on density contrasts
(and hence on both temperature and salinity), this
circulation is not constrained by the available surface
data.

The ocean-to-atmosphere heat and freshwater fluxes
are then diagnosed from the resulting steady state.
These fluxes are implicit in the boundary conditions
used (given the ocean dynamics). The atmosphere
is then constructed by objectively determining vari-
ous parameters, such as the planetary emissivity and
diffusive transports, so that it is in equilibrium with
the surface ocean fluxes. Hence further time-stepping
of the coupled model produces no climate drift. The
coupled model is then perturbed in a number of ways,
and various multiple equilibria, typical of such THC
models, are found. The poleward heat fluxes in the
ocean and in the atmosphere (latent and sensible) can
then be calculated. The atmospheric transports are
calculated as residuals once the oceanic transport is
determined. Since the atmosphere is not dynamic,
the values of the computed atmospheric transport act
as a further consistency check on the validity of the
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assumed climate. For instance, an atmospheric heat
transport that is an order of magnitude greater than
that expected for the period would be inconsistent.

The next section of the paper outlines the basic
physics and parameters used in the two components
of the model and the procedure that is followed for the
numerical experiments. In the third section the exper-
iments are described in some detail, and in the fourth
section the results are discussed and compared with
estimates and modeling of the THC in the present-
day climate. The main conclusions drawn from the
study are given in the last section.

Model Description

The governing equations and other technical de-
tails of the two model components are described in
the appendix. Below, we outline the basic structure,
strengths, weaknesses, and validation for each com-
ponent of the model.

The Ocean Component

The ocean component is derived from the THC
model developed by Wright and Stocker [1991, 1992]
and (Stocker and Wright, 1991). The model is de-
rived by zonally averaging the geostrophic momentum
equations and the heat and salt advection-diffusion
equations across an ocean basin. The equations are
closed by parameterizing the east-west pressure gra-
dient in terms of the north-south pressure gradient
(in the spirit of (Stommel, 1961) and (Winton and
Sarachik, 1993)). This parameterization is admittedly
rather ad hoc but has had some justification in that
the simulated THC for the present day is consistent
with the observed patterns (Stocker and Wright, 1991;
Wright and Stocker, 1992, ).

The ocean basin geometry allowed in this model
is necessarily limited, being restricted to choosing a
number of interconnected basins in each of which the
average width and depth are fixed. Further fine tun-
ing to better represent the geometry and topography
is possible by using specific latitude bands for the
zonal averaging (Hovine and Fichefet, 1994, ), but
we take the position here that the crudeness of the
closure parameterization will not be offset by taking
into account small details of the ocean basins. Hence,
to model roughly the land-ocean distribution during
the mid-Cretaceous, we assume that there is one main
ocean basin (the proto-Pacific ocean), which stretches
from 80°S to 80°N with a width of 180°, together with
an adjacent (proto-Indian ocean) basin (45° width),



which stretches from 40°S to 40°N (Figure 1). The
two basins are linked by a strait extending from 40°S
to 7.5°S, and the the thermohaline structure at these
latitudes is assumed to be the same in each basin.
Ocean GCM modeling studies (Barron and Peterson,
1989, ) suggest that the flow through the Tethys and
Arctic Oceans is weak and limited to shallow wind-
driven currents. Hence, since this study is concerned
primarily with the deep meridional overturning ocean
circulation, both of these shallow seas have been ex-
cluded. Variations on this geometry have been tried
with no qualitative difference in the results.

There are a number of parameters that need to be
specified prior to running the model: the horizontal
and vertical eddy diffusivities, the constant of propor-
tionality €, used in the closure parameterization, and
a parameter that governs how the vertical eddy diffu-
sivity varies with the density gradient. The constant
€ is defined for a basin that is 60° wide and is always
scaled by the width of the basin at each latitude. The
values of these parameters have been derived from
a combination of open ocean mixing studies, “data”
from an ocean GCM, and tuning of the model to the
present-day circulation. In particular, the basic ver-
tical diffusivity and closure parameter were chosen to
correctly simulate the main thermocline depth and
the penetration of North Atlantic Deep Water in a
three-basin version of the model for the present-day
climate ( Wright and Stocker, 1992, ). Because the clo-
sure scheme significantly affects the dynamics of this
model, the results of a sensitivity study with respect
to this parameter are presented in the next section.

The inclusion of a stability dependent vertical dif-
fusivity [see Schmidt and Mysak, 1996] is important so
as not to predetermine or limit the amount of mixing
that might occur in a possibly less stably stratified
Cretaceous ocean. We have also included a represen-
tation of the Ekman transport in the ocean model,
which initially uses a symmetric profile of the present-
day zonal wind stress (Han and Lee, 1983, ).

The resolution in the horizontal is an average of 10°
of latitude, and there are nine variable depth levels in
the vertical. The time step in the ocean model is
taken to be 14 days.

At the ocean surface, the heat and freshwater
fluxes are needed. In the initial spin-up stage, both
surface temperature and salinity are restored to a pre-
scribed “climate”. This is used solely to prime the
ocean component, and hence any variability at this
stage is unphysical. At steady state, the fluxes at
the surface are calculated and used to construct a
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consistent atmosphere (see below). In the coupled
phase, the fluxes are determined at each time step
from the heat and freshwater fluxes produced in the
atmospheric model.

Atmospheric Component

The atmospheric model used is a simple zonally
averaged energy and moisture balance model that
was developed from work by (Fanning and Weaver,
1996) and (Stocker et al., 1992). The surface atmo-
spheric temperature and specific humidity are calcu-
lated from evolution equations that include the effects
of shortwave incoming radiation, longwave outgoing
radiation, latent and sensible heat transfers, evapo-
ration, precipitation, and diffusive transport of both
heat and freshwater. The atmosphere-to-ocean fluxes
can then be calculated and fed into the ocean model.
The atmospheric component is time-stepped asyn-
chronously, taking 60 steps for every 1 of the ocean.

The albedo of the planet (Graves et al., 1993, )
varies with latitude and is consistent with an ice-free
Earth as hypothesized for the mid-Cretaceous ( Clark,
1988, ). Other crucial parameters in this compo-
nent are the latitudinally dependent diffusivities for
both heat and humidity, the planetary emissivity, and
the constants that appear in the parameterizations
for the precipitation and evaporation. In contrast
to some other energy balance models, these param-
eters are not set a priori but are determined objec-
tively from the oceanic steady state. The derived
ocean-to-atmosphere fluxes and the constraint that
the atmosphere is in equilibrium with the ocean and
space are sufficient for these parameters to be calcu-
lated. The process is analogous to the calculation of
the frequently used fixed salt-flux condition from the
oceanic steady state. In both cases, the solution re-
mains in equilibrium, but the subsequent variability
after the system is perturbed is changed to something
more realistic. There is one caveat: The determina-
tion of these parameters is not guaranteed to give a
physically realistic atmosphere. The climate that the
model is spun up to must be consistent with the pro-
cesses used in the atmosphere model. For example,
if after an examination of the freshwater and heat
fluxes the derived atmospheric transport of moisture
or heat is countergradient, there is an inconsistency
with a diffusive model for that transport. This puts
limits on the range of climates that can be consid-
ered, although as will be seen, this is not too onerous
a restriction.

One important feature of the coupled model used



here is that the equations can be solved in two distinct
ways. Not only can the equations be time-stepped
(either to equilibrium or to examine the transients),
but the steady state equations can be solved directly
(using Newton’s method) by employing the procedure
developed by (Schmidt and Mysak, 1996). This al-
lows us to track the evolution of the steady states, as
parameters change, much more efficiently than run-
ning each case separately. A useful bonus is that the
same calculations can be used to directly examine the
linear stability of any state and any possible resonant
oscillations around that state.

Model Limitations

Both components of the model are highly sim-
plified and thus leave out many important physi-
cal processes. Among these are the atmospheric
wind fields and the corresponding wind-driven up-
per ocean gyres. There is little point in including
one and not the other, and to include both would re-
quire a coupled ocean-atmosphere GCM (i.e., a three-
dimensional model). Hence ignoring them both is at
least consistent. One consequence is that the trans-
port of heat by the wind-driven gyres is not included
in the energy balance. Hence the residual calculation
of the transport of sensible heat by the atmosphere
includes this component of the oceanic heat trans-
port as well. However, since the focus of this paper is
on whether changes in the deepwater circulation can
cause significant changes to the poleward oceanic heat
flux, this omission is not crucial, although it needs to
be taken into account when discussing the results.

The inclusion of a prognostic moisture transport is
an improvement on previous energy balance models,
but some aspects of this transport cannot be captured
in a diffusive model. For instance, the moisture trans-
port at the tropics is equatorward and counter the
gradient of specific humidity. Nonetheless, this for-
mulation has been successfully used previously and is
retained for simplicity.

How physically significant is the consistency check
when determining the atmospheric parameters, given
the shortcomings in the model? Probably, a lack
of consistency for particular climates should not be
taken too seriously, but since the model is consistent
over a large region of the relevant parameter space,
the point is moot.

Experiments

The numerical experiments performed represent an
attempt to cover the whole range of plausible zonally
averaged annual sea surface temperature and salin-
ities for the mid-Cretaceous. To this end, we used
smooth meridional profiles for Ty and Sy (the initial
“climates”) in which the polar and equatorial values
of temperature and salinity vary. The annual aver-
age polar and equatorial temperatures were allowed
to vary between —4°C and 16°C and between 28°C
and 31°C, respectively. Temperatures intermediate
to the polar and equatorial values were interpolated
using a sine profile. Similarly, the salinity profile used
has a double-humped structure with a fixed 0.5-psu
(practical salinity unit) dip at the equator, maxima
at 30°N and 30°S and minima at the poles. The
equatorial salinities were varied between 35 and 36.5
psu, and the polar salinities varied between 30 and
35 psu. Symmetric profiles were used so as not to
predetermine whether sinking occurs in the southern
or northern hemisphere. From the existence of mul-
tiple steady states, the model showed whether it has
a preference for asymmetric equilibria or not. Re-
sults are presented from only one of these experiments
(Teqg = 28°C, Seq = 36.5 psu), since results from the
other experiments were qualitatively the same. We
also performed an experiment with enhanced radia-
tive forcing (to simulate enhanced atmospheric pCO;)
and sensitivity tests with respect to the strength of
the wind stress forcing and closure parameter € used
in the ocean model.

Varying the Surface Profiles

The equatorial values of the initial climate were
fixed as described above, and the polar temperature
and salinity (T}, Sp) varied for each model run. The
shaded region in Figure 2 shows the range of po-
lar salinities and temperatures over which the cou-
pling procedure produced a consistent and physically
reasonable atmosphere. The dot-dashed line cutting
across the figure is an indication of the relative density
of the polar and tropical surface waters at the oceanic
steady state. States below the line favor the creation
of warm saline bottom water, while states above the
line produce their most dense waters at the poles.
The degree of shading in each box is a measure of the
maximum strength of the total oceanic heat transport
for the given (T}, Sp,) pair over all the steady states
found. It is clear that the cooler the polar waters in
the initial climate, the higher the total heat transport.



The highest values of that transport occur with the
saltiest and coolest poles. However, the difference be-
tween cases with tropical sinking and those with polar
sinking is minimal. The cases with the least efficient
heat transport lie roughly in the transition zone.

To illustrate the results of the experiments, only
two cases will be highlighted: Case A, with (T}, Sp) =
(5°C, 34.75 psu), is illustrative of those cases with po-
lar sinking, and case B, (T},S,) = (5°C, 30 psu), is
representative of the cases with WSBW. The choice
of T, = 5°C is made, since it produces a tempera-
ture profile that is most typical of the data. Cases
with the same initial temperature profile are taken
so that (roughly) the amount of total poleward heat
transport is the same. The steady states (equilibria)
reached after the initial spin-up procedure are basi-
cally symmetric in both cases and, as expected, are
unstable to finite disturbances.

We found a number of other equilibria for each
case (see Table 1), some of which are linearly stable.
Figures 3 and 4 show the temperature, salinity, merid-
ional stream function, atmospheric temperature, and
specific humidity of the stable equilibria. The first
(Figure 3a) is characterized by strong sinking near
the northern boundary in the proto-Pacific basin and
by weak sinking at the southern tropics in the smaller
proto-Indian basin. The temperature of the deep wa-
ter (about 10°C) is hence an average of the tropi-
cal and polar surface temperatures and is consistent
with the paleoclimatic data. The atmospheric tem-
perature profile indicates that it is 4°C warmer in the
north than in the south due to the asymmetry of the
oceanic heat transport. The other stable steady state
for this case (Figure 3b) is characterized by sinking
in the southern midlatitudes and quite vigorous sink-
ing at the southern boundary of the smaller basin.
The deep water temperature in this case is a warm
15°C, with the surface temperature above the south-
ern ocean around 2°C warmer than the north.

Figures 4a and 4b show the stable states for case
B. They are characterized by strong sinking in both
basins between 30°and 40°S (Figure 4a) or between
30°and 40°N (Figure 4b) and by considerably warmer
deepwater temperatures (over 17°C) than in case A.
The poleward oceanic heat transports in this case are
a smaller fraction of the total poleward transport than
found in case A (Figures 5 and 6). Hence the sur-
face temperature difference between the poles is only
around 2°C.

All the stable transport patterns shown in Figures
3 and 4 have shallow surface features at the tropics
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which are typical of the wind-driven component of
the meridional circulation. Also, all examples show
the bowing up of the isotherms and lines of constant
salinity at the equator. The overturning strength of
the deep circulation in the larger basin is around 30
Sv (sverdrup). In the smaller basin, there is slightly
more variability between the states, with the strength
ranging from 3 to 7 Sv.

It is also interesting to examine the heat transports
in the model. Since the cases chosen for illustration
have similar polar temperatures, the total amount of
polar heat transport necessary to maintain the cli-
mate is roughly the same, around 7 PW (1 PW = 10%°
W). There are, however, differences in the amount
of heat transported by the oceans (Figures 5 and 6).
The steady states for case A (Figures 5a and 5b) have
the greatest oceanic heat transport (significantly, in
the case of Figure 5a). There are also quite large
differences in the atmospheric latent heat transport.
In case B, there is a significantly stronger hydrologi-
cal cycle, and hence larger latent heat transports, as
shown in Figures 6a and 6b.

Increased Radiative Forcing

There is some evidence that the atmospheric CO5
concentration during the Cretaceous was between 5
and 10 times higher than the current value (Berner,
1990, ). This is very likely to have been a contribut-
ing factor to the high temperatures inferred from the
proxy data. In most simple energy balance models, in-
creased CO4 concentration in the atmosphere is sim-
ulated by using an increased radiative forcing at the
surface that is proportional to the natural logarithm
of the concentration (Mitchell, 1989, ). This corre-
sponds to an extra 10 Wm™2 for 5xCQO, . There is
some evidence that this increased radiative forcing is
slightly stronger at the equator than at the poles (Ra-
manathan et al., 1987, ), but for lack of any reasonable
quantification of this effect, we chose to distribute the
forcing equally over the latitudes.

Cases A and B described above were redone using
this new formulation, but none of the steady states
varied significantly from those achieved previously.
This can be explained by the way in which the cou-
pling is performed. After spinning up the ocean model
with the initial temperature and salinity profiles, pa-
rameters in the atmosphere are diagnosed so that it
is in steady state with the ocean. The first require-
ment is that the incoming shortwave radiation be bal-
anced by the outgoing longwave radiation (modeled
as epoT}). If the incoming radiation is increased by



some constant amount, the derived ep will increase
proportionately (in case B, from 0.57 to 0.60). The
effect on the atmosphere of this change is felt only in
the temperature equation (see equation (A8) in ap-
pendix) where both terms appear. They will cancel
out almost exactly over land. Over the ocean, there
will be increased evaporation (and hence an increased
hydrological cycle), as can be seen from (A13) (see
appendix). The increase in E and P are such that
again the variations in the terms in (A8) affected by
the increased radiative forcing cancel out. The minor
differences that do arise are caused by small changes
in the profile of T,. There are greater differences in
the transient behavior of the model (growth rates of
disturbances, etc.), but they remain small. There is
also a minor (3-5%) decrease in the atmospheric sen-
sible heat transport.

In a sense, the atmospheric model can be consid-
ered to take account of whatever COs level is nec-
essary to maintain the specified initial climate. If it
is warm, then the Earth must be behaving more as
a gray body (ep smaller), precisely the behavior one
would expect with greater CO; levels. The addition of
the extra radiative forcing merely readjusts ep, but,
as is clear from the previous paragraph, it changes
very little else.

Sensitivity of the Results

The most important unknown parameter in the
ocean model is €, the closure parameter for the east-
west pressure gradient (see equation (A4)). Rea-
sonable values of the parameter (when results are
compared with oceanic GCM output) have ranged
from 0.3 to 0.5 [Wright and Stocker, 1991, 1992].
Cases A and B were examined as ¢ was smoothly
varied through the above range of values. There
were no changes of stability or consistency, and only
minor changes in the poleward heat transports oc-
curred. Generally, the ocean transports slightly in-
creased with €, as did the latent heat transport. In
consequence (since it is calculated as a residual), the
sensible heat transport was slightly reduced. There
was, however, a minor increase in total heat trans-
port. The percentage changes, however, are of the or-
der of 5-10% over the range of values examined and
hence cannot be considered significant.

The zonal wind stress used to force the Ekman
transport is a symmetric version of the best esti-
mate of present-day conditions (Han and Lee, 1983,
). There are geophysical reasons to suppose that the
general form of this forcing (i.e., maxima in the trade
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winds at 15°N and 15°S, maxima of the westerlies at
45°N and 45°S) is likely to have been constant over
the long term. However, the strength of the forc-
ing might well have varied greatly. The sensitivity of
the results to this strength was tested by varying the
strength from 50% to 200% of the present-day val-
ues. The component of the oceanic heat flux carried
by the Ekman transport would be expected to vary
linearly with the amplitude of the wind, and so vari-
ation with this parameter allows us to determine the
relative importance of the Ekman transport and the
thermohaline circulation.

For cases A and B, there is indeed a linear depen-
dence of the maximum poleward oceanic heat flux on
the strength of the wind stress. There is, generally,
between a 0.4-PW and 0.6-PW increase in the flux as
the wind is increased from 50% to 100%. This im-
plies that at midlatitudes the Ekman transport sup-
plies about half of the poleward transport of heat. For
further increases in the wind stress, the linear depen-
dence remained, but for increases greater than 130%,
the objectively determined atmosphere became incon-
sistent. There were no changes in stability for any of
the steady states in the examined range.

Discussion

There are likely to be many contributing causes
to the high global average temperatures seen dur-
ing the mid-Cretaceous. Albedo changes due to a
lack of permanent ice sheets, and the change in land-
sea distribution combined with an elevated concen-
tration of atmospheric CO,, will have caused a gen-
eral warming. Nonetheless, atmospheric GCM exper-
iments have not been able to simulate fully either
the degree of warming or the reduced equator-to-pole
thermal gradient without making an assumption of in-
creased heat transport by the oceans or by invoking
some general change in cloud behavior (Covey et al.,
1996, ). The possibility of an external cause of the in-
creased temperatures, such as increased solar forcing,
should not be forgotten. However, the mechanisms
within the climate system that could be responsible
for such a warm climate should be investigated thor-
oughly before they are possibly discounted. What
does this study then indicate concerning the role of
the oceans?

Compared with the present-day climate (for which
the total poleward heat flux has a maximum of about
5 PW), the model indicates that an extra 2 PW (at
around 40°N and 40°S) of poleward heat flux is nec-



essary in order to maintain the warm high-latitude
temperatures. This heat flux can be broken down
into components (atmospheric sensible heat, atmo-
spheric latent heat, and oceanic heat transport) and
each discussed separately.

The poleward atmospheric sensible heat transports
in all four examples (Figures 5 and 6) have maxima at
around 40°N and 40°S of about 3 PW. That is of the
same order as the sensible heat transports at present.
It should be remembered that these transports are
calculated as residuals and therefore contain part of
the heat transport that would be carried by the ocean
surface gyres not represented in our model. Some at-
mospheric GCM experiments (Barron and Washing-
ton, 1982, ) have indicated that a reduced equator-to-
pole temperature gradient does not necessarily imply
a weaker atmospheric circulation. It is possible that
the increased latent heat release at the tropics main-
tains (or even possibly strengthens) the vertically av-
eraged meridional gradient and hence the strength of
the winds. This is at least consistent with the use
of present-day wind stress forcing in this study. An
increase in the monsoonal circulation due to the dif-
ferent continental distribution is also likely. Hence
the sensible heat transports in this model are, for the
cases shown, reasonable. For some of the cases with
extreme polar warming (T}, > 10°C, not shown), these
transports were far too large to be reasonable, and so
these cases are ignored.

The poleward oceanic heat transports show more
variability among the cases shown. There is a marked
asymmetry between the northward and southward
tran-sports in each case due to the asymmetric one-
cell circulation seen in Figures 3 and 4. There is a
tendency for models in which there is one principal
basin, such as this one, to prefer asymmetric circula-
tions. The instability associated with symmetric cir-
culations has been explained by (Schmidt and Mysak,
1996), among others. Usually, there are at least two
stable states with opposing circulations (such as in
cases A and B), and under stochastic forcing from
the atmosphere it is usual that flips between the
steady states generally occur on millennial timescales.
Hence no asymmetry would necessarily be seen in the
low-resolution proxy records available. The oceanic
meridional component of the poleward flux in each
case has a maximum of around 2 PW in the sinking
hemisphere and a smaller local maximum of around
0.6 PW in the other hemisphere. The fluxes are con-
sistently greater in the polar sinking cases than in
the tropical sinking ones, due mainly to the slightly
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cooler bottom waters, but this difference amounts to
only 10-15%.

Some features of the modeled ocean circulation are
worth pointing out. Chief among these is the role of
the proto-Indian ocean in the production of WSBW in
all cases. Unlike the geography of the modern world,
the proto-Indian ocean is not directly connected to a
significant source of deep water. Today, the mixing
of Antarctic bottom water and North Atlantic Deep
Water that occurs in the Antarctic Circumpolar Cur-
rent gives rise to the common water that fills both
the Indian and Pacific Oceans. Conversely, during
the Cretaceous, if there were polar sources of deep
water, these will have been localized, and in the ab-
sence of any circumpolar current, they will not have
filled the proto-Indian basin so readily. This allows
sinking of water in the basin even though it is not as
dense as the polar source waters. This modifies the
average temperature of the waters in the proto-Pacific
so that they are noticeably warmer than sea surface
temperatures in the main sinking region.

Present-day modeling of the meridional circulation
has produced maximum poleward heat transports of
around 1.6 PW in a coupled three-basin zonally av-
eraged model (Stocker et al., 1992, ) and 2.0 PW
in an ocean-only version (Wright and Stocker, 1992,
). Values of key parameters in the coupled model
were slightly different from those used here, specifi-
cally, K, = 1 x 107* m? s7! and € = 0.5. These
changes have the effect of increasing the overturning
stream function by around 20% over that seen here.
Hence the values found in the Cretaceous cases seem
to be significantly larger (by about 0.5 PW). Com-
pared with the ocean-only model, the increases ap-
pear less significant.

Estimates of the current total poleward oceanic
heat flux vary from a maximum of 3 PW (at 30°N and
30°S) (Carissimo et al., 1985, ) to a more accepted
2 PW in more recent satellite studies ( Trenberth and
Solomon, 1994, ) and in direct observations (Bryden
and Hall, 1980, ). Of that, half is normally attributed
to the surface gyres. The transports in this study are
significantly above these estimates, although this may
be due to a systematic bias in the model.

There are, however, large increases in the at-
mospheric latent heat transports as compared with
present-day estimates or models, and these account
for the majority of the extra poleward transport nec-
essary to maintain the warm high latitudes. This is
clearly more evident in the tropical sinking case. This
is not surprising, given that a more vigorous hydrolog-



ical cycle is necessary in order to maintain the strong
salinity gradients that drive the reversed circulation.
Maxima of 2.5-3.4 PW in the latent heat transport
are found, instead of the 1.3 PW (Sellers, 1965, ) that
is estimated today or the 2.4 PW in similar present-
day models (Stocker et al., 1992, ). Similar results
were also seen in coupled GCM simulations of CO2
-induced warmer climates in the work by (Manabe
and Bryan, 1985).

What further data could help refine these conclu-
sions and restrict the range of possible circulations?
Better data on anoxia in the open ocean, or near the
poles, could indicate if large amounts of polar sink-
ing were taking place. Also, more benthic tempera-
ture data could help determine whether two or more
significantly different deepwater masses were present
in the proto-Pacific. Estimates of changes in surface
gyre transports from OGCM models will also help
narrow the possibilities.

Conclusions

The oceanic circulations presented here seem to be
consistent with atmospheric GCM results and with
what little data there are. The poleward transport
of heat by the thermohaline circulation does increase
over that seen in models of the present-day circu-
lation. Transports are also significantly larger than
present-day estimates of the meridional cell trans-
ports. This increase, combined with a much more
vigorous hydrological cycle, may provide enough heat
transport to sustain the warm high-latitude climate.
The results also indicate that because of the unusual
geography and the increased hydrological cycle, some
amounts of WSBW may have been ubiquitous, but
that does not rule out an additional polar source of
deep water.

While further research into atmospheric or solar ef-
fects is clearly desirable, the results of this study seem
to indicate that it is not necessary to postulate, for
instance, a completely different cloud regime during
the Cretaceous in order to explain the warm climate.
Unfortunately, given the paucity of data, the results
so far do not allow an unambiguous description of the
oceanic meridional circulation.

Appendix: Model Detalils

The complete details and justification of the oceanic
model, the atmospheric model, and the methods of so-
lution can be found in the original references [ Wright
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and Stocker, 1991, 1992; Fanning and Weaver, 1996;
Schmidt and Mysak, 1996]. The details that are in-
cluded here are those that are relevant to the discus-
sions in the text.

The basic equations solved for in the ocean model
arise from the zonal averaging of the governing mo-
mentum and tracer equations in spherical coordi-
nates. Time dependence arises in the two advection-
diffusion equations for the potential temperature (T,.)
and salinity (S). Continuity implies the existence of
a stream function (¢)) which can be solved for di-
rectly by parameterizing the east-west pressure gra-
dient (Ap/AA) and by making the hydrostatic and
Boussinesq approximations. The equation of state is
fully nonlinear and pressure dependent. The equa-
tions to be solved are thus as follows:

0Ty, N 0T, 0T,
ot +J(),Toe) = V <KhW’KUW>(A1)
oS oS oS
S raws) = v (BG4
2QsRpo 0y 1 Ap T
70 5 = _EM—{_E,H(Z-{_&M)’
(A3)
Ap  2mesc’g [* Op
A T T aan ) 8 A
p = p(T06'7 S, Z)7 (AS)

where ¢ = cos (lat); s = sin (lat); K5, and K, are
the horizontal and (stability dependent) vertical dif-
fusivities, respectively; pg is the reference density; R
is the radius of the Earth; € is the closure parame-
ter; AA is the width of the basin; and 7 is the zonal
wind stress which acts over the mixed layer depth /.
The rotation rate of the Earth  and the gravita-
tional acceleration g are known constants. We define
VF = (3(c2F/a?)/85,0F|02), J(£,9) = fug: — f-95,
and H is the Heaviside function. The boundary con-
ditions at the surface (z = 0) are

K oT,e O0rm(Toe —To)/Tr, ocean only
Y9z —Qa—0c¢/(pPoCpw), coupled
(A6)
as om(S — So)/7s, ocean only
g = { 0.035F, 0 coupled \7)

where T, is the apparent atmospheric temperature
(Haney, 1971, ), Sp is an approximate surface salinity
profile, C),, is the heat capacity of sea water, and 7p
and 7g are the restoring time constants. The values



for the various parameters are shown in Table Al.
The heat and freshwater atmosphere-to-ocean fluxes,
Qa—oc and F,_,., are defined in (A13) and (A14).
The atmospheric model takes the form of two zon-
ally averaged prognostic equations, one for the surface
air temperature and one for the surface specific hu-
midity, each of which varies with latitude and time:

0Ty,
CpaHapairW = (1 - a)(l - aP)QSW +Qso
—epoT?} — eqoT?
+e00T2|.—o + 2P
CpaHapair 6 2 aTa
R?>  0s <c Kr ds )’

(A8)
(9q H Pair 0 8q
H air 3y, — 1 - 2K —_—
aPair Gy R? 0s (C 95

+(E — P), (A9)

where C,, is the specific heat capacity of air; H, and
H, are scale heights; = is the latent heat of evap-
oration of water; ep,es, and €o are the planetary,
atmospheric and oceanic emissivities, respectively; o
is the Stefan-Boltzmann constant; K7 and K, are
the meridional diffusive transport coefficients for heat
and freshwater; ap is the planetary albedo; Qgw is
the incoming shortwave radiation; and a is the frac-
tion of that radiation absorbed by the ocean. The
evaporation (E), precipitation (P), and sensible heat
flux (Qsm) are determined from the surface sea and
air temperatures (T,.(y,z = 0),T,), the relative hu-
midity, and the saturation specific humidity of the
atmosphere:

P = max|[0,Py(q —0.85¢sat(7%))], (A10)
EF = max (0, EO(Qsat(Toc|z=0) - Q))v(All)
Qsg = Qo(Toclz=0 — Ta)- (A12)

The scale factors and distribution of zonally averaged
precipitation among the basins are subsumed in the
bulk transfer coefficient Fy. Ejy is a modified spatially
varying Dalton number, and since the surface winds
are not explicitly calculated, the sensible heat trans-
fer coefficient, (g, is taken to be a constant. The heat
and freshwater fluxes into the ocean are then calcu-
lated as follows:

Qafoc = aQSW - QSH + GAUT;l

—e00T|.—0 — z1.F, (A13)
F,,., = P—E. (A14)
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The atmosphere-to-surface fluxes only occur over the
oceans since the land is considered inactive. Hence it
is also necessary to specify how the (zonally averaged)
precipitation is distributed among the ocean basins.

At coupling, the heat and freshwater fluxes are de-
rived from the ocean model. The sea surface tempera-
ture is likewise set, and the atmospheric temperature
is determined from the apparent atmospheric temper-
ature used in the Haney restoring term. Assuming a
steady state of the atmosphere, this determines (in
order) (1) the planetary emissivity (from the balance
at the top of the atmosphere); (2) the evaporation at
any point (from equation (A13)); (3) the precipitation
at any point (from equation (A14)); (4) the zonally
averaged precipitation (and hence the distribution of
precipitation among the basins, Pp); (5) the relative
humidity and the Dalton number Ey (from equation
(A11)); (6) the meridional gradients of ¢ and Tj; and
finally (7) the diffusive constants Kr and K, as de-
rived from the integrated versions of (A8) and (A9).

There are a number of points where this procedure
may break down. At step 2 or 3, the evaporation or
precipitation calculated may be negative; at step 5,
Ey may be negative; and in the final step, the diffu-
sive constants may be negative. If any of these situ-
ations arise, there is a contradiction between the cli-
mate as initially specified in the ocean surface bound-
ary conditions and the processes that are modeled in
the atmosphere. However, although this can occur,
there are large regions of parameter space where it
does not (Figure 2). Some criticism may be made of
the fact that parameters crucial to the atmosphere
are determined from an admittedly imperfect ocean
model. We argue that since no reliable data are avail-
able for paleoclimatic validation of these parameters,
it is better to construct a consistent atmosphere that
is a slave to the ocean. In that way, the transports in
the atmosphere are calculated as a residual, given the
transports in the ocean. The coupled model is then
at equilibrium (no climate drift), and any errors are
effectively due to those in the ocean model alone.

The equations can either be solved by time-stepping
the equations asynchronously or by solving directly
for the steady state. The latter approach involves lin-
earizing the discretized equations around any partic-
ular state and then using Newton’s method to iterate
to the steady state. Convergence of this method is
not guaranteed, but when it occurs, the method is
much more efficient than time stepping.
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Table 1. Characteristics of the Steady States (Equilibria) for Cases A and B as Marked in Figure 2

13

Seq — Sp, pPsu T.q —Tp, °C Maximum Maximum Atmos. Bottom
Sinking Oceanic Heat Sensible Heat Temperature,
South North South North Latitude(s) Transport, PW Transport, PW °C Stability
Case A
1.5 1.5 18.6 18.6 70°N,S & 30°N,S 1.9 3.4 8.6 unstable
6.3 1.2 22.0 18.6 70°N,30°S 2.02 3.2 11.2 unstable
6.3 0.7 22.0 17.6 70°N 2.05 3.2 10.1 stable
4.7 6.5 19.8 214 55°S,35°S 2.2 3.7 14.7 stable
Case B
59 5.9 19.7 19.7 30°N,30°S 1.4 3.7 20.2 unstable
7.3 3.8 20.7 18.6 40°N,60°N 1.7 3.5 14.0 unstable
56 7.3 19.1 20.5 40°S 1.9 3.8 17.7 stable
7.1 5.3 20.7 19.3 40°N 1.5 3.5 17.6 stable




Table A1l. Constants and Parameters Used in Ocean and Atmosphere Models

Name Variable Value
Closure parameter € 0.45
Vertical eddy diffusivity K, 044 x 1074 m? s !
Horizontal eddy diffusivity Ky, 10® m? s7!
Restoring time constants T, TS 50 days
Mixed layer depth oM 50 m
Reference density po 1035 kg m™3
Oceanic time step Ato 14 days
Shortwave incoming radiation Qsw 340(1.246 — 0.738 sin® (lat)) W m™2
Planetary emissivity €p 0.55-0.60 *
Oceanic emissivity €0 0.96
Atmospheric emissivity €A 0.84
Planetary albedo ap 0.7995 — 0.3615 sin® (lat)
Atmospheric absorptivity (1—a) 0.35 over ocean

1.0 over land

Atmospheric heat diffusivity Kr 0.5-10x10% m? s=* ~
Atmospheric moisture diffusivity K, 0.5-10x10° m* ™! *
Atmospheric scale height (temperature) H, 8.4 km
Atmospheric scale height (moisture) H, 1.8 km
Latent heat transfer coefficient FEo 1-50x102 kg m~lsgTl*
Sensible heat transfer coefficient Qo 10 Wm 2 K1
Atmospheric time step Ata 6 hours

*Calculated at coupling with the oceanic steady state.
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80°N
40°N
Proto-Pacific Ocean
Equator
Proto-Indian
Ocean
40°S
80°S
45° 180°

Figure 1. The ocean model domain used consists of two connected basins representing the “proto-Pacific” ocean which
stretches from 80°S to 80°N with a width of 180°, and the “proto-Indian” ocean (45° width), which stretches from 40°S to
40°N. The two basins are linked by a strait extending from 40°S to 7.5°S, and the waters at these latitudes are assumed to
be well mixed horizontally.
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Max. poleward oceanic heat flux over all steady states (PW)
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Figure 2. The shaded area represents the region of (T}, Sp) space over which a consistent diffusive atmosphere can be found
for the initial oceanic steady state. The equatorial temperature and salinity are fixed at 28°C and 36.5 psu respectively. The
degree of shading indicates the maximum poleward oceanic heat transport for a given (T}, Sp) pair over all the steady states
found. The dot-dashed line divides roughly those states whose densest waters are at the tropics (below the line) from those
whose densest waters are at the pole (above line). Finally, the two crosses marked case A and case B indicate the location
in parameter space of the two examples illustrated later in the text.
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Figure 3. The two stable steady states for case A (T, Sp) =(5°C, 34.75 psu) looking westward through N-S sections of
the Indian and Pacific oceans. The first state, (a) is characterised by deep sinking in the northern polar region, and the
second, (b) by deep sinking at the southern mid-latitudes. There is a slight asymmetry (for both states) in the surface air
temperature field because of the greater northward (first state) or southward (second state) oceanic heat transport. Bottom
temperatures are around 10°C for (a) and 15°C for (b)
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Figure 4. The stable steady states for case B (Tp, Sp) =(5°C, 30 psu). These states are characterised by sinking only at the
(a) southern or (b) northern tropics. Again there is a slight asymmetry in the surface air temperature. The bottom waters

are warm, just under 18°C.
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Heat transport for case A (as illustrated in Figure 3a)
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Heat transport for case A (as illustrated in Figure 3b)
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Figure 5. The zonal transport of heat by the oceans and by the atmosphere (broken down into sensible and latent heat
components) for the stable steady states for case A illustrated in figs. 3a and b.

Heat transport for case B (as illustrated in Figure 4a)
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Figure 6. The zonal transport of heat by the oceans and by the atmosphere (broken down into sensible
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Heat transport for case B (as illustrated in Figure 4b)
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and latent heat

components) for the stable steady states for case B illustrated in figs. 4a and b.



